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ABSTRACT

Zonally averaged models of the ocean overturning circulation miss impor-

tant zonal exchanges of waters between the Atlantic and Indo-Pacific Oceans.

A two-layer, two-basin model that accounts for these exchanges is introduced

and suggests that in the present-day climate the overturning circulation is best

described as the combination of three circulations: an adiabatic overturning

circulation in the Atlantic Ocean, associated with transformation of interme-

diate to deep waters in the north, a diabatic overturning circulation in the

Indo-Pacific Ocean, associated with transformation of abyssal to deep waters

by mixing, and an inter-basin circulation that exchanges waters geostrophi-

cally between the two oceans through the Southern Ocean. These results are

supported both by theoretical analysis of the two-layer, two-basin model and

by numerical simulations in a three dimensional ocean model.
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1. Introduction28

The global ocean overturning circulation is a key element of the Earth’s climate system and29

the ocean biogeochemical cycles through its transport of heat, carbon and nutrients both across30

latitudes and from one ocean basin to another through the Southern Ocean. Most idealized models31

and theories of the overturning circulation focus on the zonally averaged transports and ignore32

the zonal transports. Here we extend those models to capture the zonal inter-basin exchanges33

through the Southern Ocean. Our model illustrates that the zonal inter-basin transports are crucial34

to properly interpret the ocean overturning circulation and its changes in different climates.35

In the textbook zonally-averaged perspective, the present-day ocean overturning is characterized36

by two distinct overturning cells stacked on top of each other (e.g. Lumpkin and Speer 2007;37

Marshall and Speer 2012). The upper cell consists of waters sinking in the North Atlantic, which38

then flow along isopycnals toward the Southern Hemisphere where they are pulled to the surface by39

the divergent wind stress blowing over the Southern Ocean. Once at the surface, these dense waters40

appear to be transformed into lighter intermediate waters by surface heating and precipitation, and41

flow back to the North Atlantic, thereby closing the upper overturning cell. The lower cell is42

instead fueled by deep convection around Antarctica and generates the densest waters that fill the43

bottom of all oceans. These dense waters are slowly transformed into lighter waters by diapycnal44

mixing in the deep ocean basins, rise to about 2000 m depth, and flow back to the Southern Ocean,45

where they are also pulled to the surface by the southern hemisphere westerlies along isopycnals46

just below the upper cell. Once at the surface, these waters are supposedly transformed into denser47

waters by cooling and brine rejection under sea ice, and sink into the abyss closing the deep cell48

loop.49
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Observational oceanographers have long cautioned that the zonally averaged perspective is in-50

complete as it misses important inter-basin exchanges (Schmitz 1995; Lumpkin and Speer 2007).51

Most recently Talley (2013) pointed out that the very idea that there are two separate cells is an52

artifact of taking a zonal average. Her analysis of water mass properties shows that most of the53

North Atlantic Deep Water (NADW), which fuels the upper cell in the high latitudes of the North54

Atlantic, is transformed into denser Antarctic Bottom Water (AABW) once it resurfaces in the55

Southern Ocean, contrary to the zonally averaged view that would have it fully transformed into56

lighter intermediate waters. Once converted into AABW, the waters fill the bottom of the Indo-57

Pacific Ocean, where they are transformed into lighter Indian and Pacific Deep Waters by turbulent58

diapycnal mixing. These waters then come to the surface around Antarctica, where they are trans-59

formed into intermediate waters and return to the North Atlantic. While what fraction of NADW60

is transformed into intermediate waters versus AABW remains uncertain, it is quite clear that the61

overturning circulation is best described as an intertwined loop that spans both the Atlantic and62

Indo-Pacific Oceans as sketched in Fig. 1.63

Ferrari et al. (2014) pointed out that the present-day overturning loop that spans all oceans64

likely split into two separate cells during glacial climates. Thus the common picture of an upper65

and lower cell may be an appropriate description of past circulations, but not of the present one.66

Theories of the meridional overturning circulation have largely focused on the zonally averaged67

perspective and ignored zonal inter-basin exchanges. Only recently Jones and Cessi (2016) and68

Thompson et al. (2016) have extended those theories to study the impact of inter-basin exchanges69

on the ocean stratification and water mass transformations. Here we build on these previous works70

to investigate the key differences between the overturning in the Atlantic and Indo-Pacific basins.71

First we introduce a simple dynamical model of the meridional overturning circulation based on72

the PhD work of Allison (2009). The model consists of two closed basins connected through a73
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re-entrant channel to the south to mimic the Atlantic Ocean, the Indo-Pacific Ocean and Southern74

Ocean. The model is then used to illustrate the overturning circulation that develops in three spe-75

cial limits: (1) no diapycnal mixing in the ocean interior, (2) no convection in the North Atlantic,76

and (3) perfect compensation between eddy and wind-driven transports in the Southern Ocean.77

These three limits are then illustrated with full three dimensional simulations of the ocean circu-78

lation. Finally we use these limits to gain insight into the observed ocean overturning circulation.79

The paper is organized as follows. We introduce the theoretical model of the meridional over-80

turning circulation in section 2 and we derive scalings for the overturning in the Atlantic and81

Indo-Pacific basins in three salient limits in section 3. In section 4 we describe a three dimensional82

general circulation model of the ocean circulation used to test the predictions of the theoretical83

model and connect our results to the full three dimensional ocean overturning circulation in sce-84

tion 5. Finally in section 6 we offer our conclusions.85

2. Theoretical model setup86

Gnanadesikan (1999) proposed a simple model of the deep stratification and overturning circu-87

lation of the Atlantic Ocean. Despite its simplicity, the model has proven very useful to interpret88

results from full three dimensional simulations of the global ocean circulation (e.g. Allison et al.89

2011; Munday et al. 2011). Our goal is to extend Gnanadesikan’s framework to an ocean with two90

basins, representing the Atlantic Ocean and the Indo-Pacific Ocean, connected at the south through91

a re-entrant channel, representing the Southern Ocean. We follow the approach outlined by Les-92

ley Allison in her PhD thesis (Allison 2009), recently used by Jones and Cessi (2016) to study93

the asymmetries in stratification between the Atlantic and Indo-Pacific Oceans and by Thompson94

et al. (2016) to study global water mass transformations.95
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The model geometry is illustrated in Fig. 2. A zonally re-entrant channel, which represents the96

Southern Ocean, is connected at its northern edge to two basins, representing the Atlantic and97

Indo-Pacific Oceans. The basins are separated by two narrow strips of land of different meridional98

extent, reflecting the latitudinal difference between the southern limits of South America and South99

Africa. The two basins have different areas roughly corresponding to those of the Atlantic and100

Indo-Pacific Oceans. Typical values for the model parameters are given in Table 1. Although101

the geometry of the domain is highly idealized, for discussion purposes the two basins shall be102

referred to as the Atlantic and Indo-Pacific basins (the Atlantic being the smaller basin). The103

zonally unbounded latitudes will be referred to as the channel, and the region to the north of the104

channel and south of the model’s South Africa will be referred to as the southern strip.105

In the vertical the model consists of two active layers of constant density separated by an inter-106

face. The same two-layer, two-basin model was considered by Veronis (1973, 1976, 1978) in his107

seminal studies of wind and thermally driven circulations. The lower layer is meant to represent108

dense waters formed at high latitudes, in today’s ocean NADW and AABW. The upper layer in-109

stead includes the lighter waters sitting above these dense waters: thermocline, intermediate and110

Indian and Pacific Deep Waters. In today’s Atlantic Ocean the interface would thus correspond to111

the neutral density surface 27.8 kg m−3, which separates NADW and intermediate waters, while in112

today’s Indo-Pacific Ocean it would correspond to the neutral density surface 28.0 kg m−3, which113

separates AABW and Indian and Pacific Deep Waters (Lumpkin and Speer 2007). Based on this114

configuration, scalings can now be derived for the water mass fluxes across the interface in each115

basin, following the approach of Gnanadesikan (1999), but with the all important physics of zonal116

inter-basin exchange.117

The volume budget for the upper layer of each basin is the result of all the processes that ex-118

change mass with the lower layer and with the southern strip to the south. The flow out of each119
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basin toward the southern strip is geostrophic and can thus be estimated from the zonal pressure120

gradients across the basins. These pressure gradients have a simple expression for the particular121

geometry of the problem we are considering. A meridional pressure gradient cannot be sustained122

along an eastern boundary, since the Coriolis force necessary to balance it would require a flow123

through the coastline (e.g. Luyten et al. 1983; Marotzke 1997). For this reason, the interface depth124

along the eastern boundary of each basin can be assumed constant, at least on timescales longer125

than the transit time of a coastal Kelvin wave. Since the Kelvin waves which propagate southwards126

with the coast on their left can travel around the southern tip of the land mass, the interface depth127

in the south west corner of each basin is equal to this uniform eastern boundary value in the basin128

to the west.1129

Winds can drive an Ekman flow in and out of each basin, in addition to the geostrophic one.130

However the wind stress is close to its minimum at the latitude of the model’s South Africa, where131

the easterlies turn into westerlies. Consistently we will ignore the Ekman transport at the southern132

edge of the two basins, but the model could be easily extended to include it.133

First we consider the geostrophic transport out of the Indo-Pacific basin. This geostrophic trans-134

port, marked as TG in Fig. 2, arises from the difference in layer thickness at either side of the135

southern boundary of the Indo-Pacific at the latitude of the model’s South Africa φP , i.e. the dif-136

ference between the eastern boundary interface depths in the two basins2 (Veronis 1973; Johnson137

1Cessi and Wolfe (2009) pointed out that eddy fluctuations can support meridional density gradients along eastern boundary currents, but these

effects appear to be small on the large scale as can be verified from any hydrographic atlas. Jones and Cessi (2016), for example, show the depth

of three mid-depth neutral density surfaces as a function of latitude at three longitudes corresponding to the Atlantic (30W), Indian (90E), and

Pacific (150W) Oceans. The surfaces are quite flat everywhere except at high latitudes, where convection drives strong vertical motions. While

their sections are not right on the eastern boundaries, similar patterns are found along the eastern boundaries.
2The geostrophic transport TG out of the Indo-Pacific at the latitude φP remains proportional to the difference between the eastern boundary

interface depths in the two basins even if the continent has a finite width. Consider a rectangular continent. The interface cannot change depth

along the southern edge of the continent, because any change would drive a geostrophic flow into the continent. However this is no longer true
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and Marshall 2004). Direct estimates show that velocities in the Southern Ocean are much larger138

in the upper kilometer, a depth shallower than the interface of our two-layer model. Consistently139

we assume that velocities in the lower layer can be neglected and impose that the geostrophic flow140

is confined to the upper layer as done in reduced gravity models of the ocean circulation. The141

upper layer geostrophic transport is thus equal to,142

TG ≡−
∆b

2| fP|
(
h2

P−h2
A
)
, (1)

where ∆b is the buoyancy difference between the two layers, fP is the Coriolis frequency at the143

latitude φP, hP and hA are the depths of the interface along the eastern boundaries of the Indo-144

Pacific and Atlantic basins.145

The geostrophic transport at the southern edge of the Atlantic basin, at latitude φP, is not equal146

and opposite to TG, because the presence of western boundary currents results in departures of the147

interface depth from hP. The interface depth is equal to hP only at the southern edge of the western148

boundary, where the continental barrier meets the channel, but not north of it, at latitude φP.149

In steady state the geostrophic transport out of the Indo-Pacific basin is balanced by basin-150

wide upwelling associated with diapycnal mixing, TPmix, since there is no deep convection in the151

Indo-Pacific to release water from the upper layer. This diabatic transport is parameterized based152

on a simple advective-diffusive balance, in which the upward advective flux of dense water is153

balanced by a downward diffusive flux of density driven by turbulent diapycnal mixing (Munk154

1966), w∗ρz ≈ κV ρzz, where w∗ is a diapycnal velocity and κV is the diapycnal diffusivity. At155

the scaling level, the advective-diffusive balance implies that w∗ ∼ κV/hP and thus the diabatic156

if the southern edge of the continent is not zonal and/or supports a non-geostrophic boundary current. While such corrections may be important

to properly quantify the transport around the tip of South Africa, they are of secondary importance in this study where we ignore all details about

realistic continental configurations.
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transport integrated over the whole Indo-Pacific interfacial area AP is,157

TPmix ≡
κV AP

hP
. (2)

This scaling assumes that the interface depth in the Indo-Pacific basin is approximately constant158

and equal to hP, its value on the eastern boundary, a reasonable overall assumption, except along159

the narrow western boundary currents and in regions of strong upwelling/downwelling where the160

interface suddenly steepens (Allison et al. 2011). A similar scaling holds for diapycnal mixing161

across the interface in the Atlantic basin,162

TAmix ≡
κV AA

hA
. (3)

The southern hemisphere westerlies drive a surface Ekman transport out of the channel toward163

the basins. The Ekman transport across the northern boundary of the channel at latitude φS is equal164

to,165

TEk ≡
τS

ρ0| fS|
Lx, (4)

where τS is the average wind stress blowing along the northern edge of the channel at latitude φS,166

fS and Lx are the Coriolis frequency and the circumpolar length at that latitude. To be more precise,167

the transport should be computed along a mean barotropic streamline following the meanders of168

the circumpolar current (Allison et al. 2010), but at the scaling level the barotropic streamline can169

be approximated by a circumpolar line.170

The equatorward Ekman transport across the latitude φS is opposed by a poleward eddy trans-171

port induced by the baroclinic instability of the circumpolar current. The eddy transport is the172

result of correlations between velocity and layer thickness fluctuations, which act to release the173

available potential energy by flattening density surfaces. Gent and McWilliams (1990) argued that174

this transport can be represented as a downgradient flux of isopycnal thickness, with diffusivity175
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coefficient κGM,176

v′h′ =−κGM
∂h
∂y

. (5)

If the interface comes to the surface a distance ` south of the latitude φS, the thickness slope177

can be approximated as the ratio of the layer thickness at the northern edge of the channel, hP,178

and the meridional distance `. The zonally integrated poleward eddy transport can therefore be179

approximated by180

Teddies ≡−κGM
hP

`
Lx. (6)

In the present-day ocean the density surfaces that separates intermediate from deep waters and181

deep to abyssal waters both outcrop close to Antarctica and therefore ` will be taken as the whole182

20 degree width of the Southern Ocean or approximately 2000 km.183

The sum of the Ekman and eddy transports is directed along density surfaces in the ocean in-184

terior, but it crosses isopycnals in the surface mixed layer–isopycnals become vertical as a result185

of surface mixing while the transports become horizontal. This surface cross-isopycnal transport186

represents the transport across the interface in the two-layer model.187

Finally, in the present-day climate air-sea surface fluxes drive deep convection in the North188

Atlantic, but not in the North Pacific (Warren 1983; Weaver et al. 1999). Deep convection converts189

light waters from the upper layer into denser waters that sink into the lower layer. Scaling laws190

for this convective transport are not as well established as those for the other processes considered191

so far. The scaling proposed by Gnanadesikan (1999) assumes a balance between meridional192

pressure gradients and friction within the western boundary current. The same scaling has been193

derived by Nikurashin and Vallis (2012) assuming that the convective sinking equals the eastward194

geostrophic transport that develops when the upper layer outcrops at the ocean surface in the high195
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northern latitudes. In either case, TAconv is proportional to h2
A and has the form,196

TAconv ≡
∆bh2

A
| fN |

, (7)

where fN is the latitude where convection occurs in the North Atlantic basin. In the analysis197

to follow we will assume that the convective transport is prescribed to avoid committing to a198

particular scaling law. But, for completeness, we will also discuss the implications of having a199

transport TAconv proportional to h2
A.200

This model represents a minimal extension of the approach pioneered by Gnanadesikan (1999)201

to study the ocean overturning circulation, which considered a single basin exchanging waters202

with a re-entrant channel. The addition of a second basin allows for different overturning circu-203

lation patterns in the two basins, which we show are key to interpreting the complex overturning204

circulation pathways observed in the ocean (Schmitz 1995; Lumpkin and Speer 2007; Talley 2013,205

e.g.). Thompson et al. (2016) used a multi-layer version of this model to study the conversions206

between abyssal, deep and intermediate water masses in the global ocean. Here we sacrifice real-207

ism to obtain a model where we can make analytical progress and derive scaling laws that connect208

the inter-basin exchanges with the overturning circulation in the two basins. In Sec. 3 we will209

identify three limit overturning circulations captured by the model and in Sec. 5 we will use these210

limit circulations to interpret the overturning circulation in a fully three dimensional model with a211

circulation qualitatively consistent with that observed in the ocean.212

3. Overturning circulations predicted by the theoretical model213

The scaling laws for the various transports can be combined to write down the volume budgets214

of the upper layer; the lower layer transport must be equal and opposite to conserve mass. Starting215

with the Indo-Pacific basin we have a balance between the diapycnal mixing-driven upwelling and216
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the geostrophic flow as sketched in Fig. 2,217

− ∆b
2| fP|

(
h2

P−h2
A
)
+

κV AP

hP
= 0. (8)

The geostrophic transport−∆b
(
h2

P−h2
A
)
/2| fP|must be negative, indicating a southward flow out218

of the Indo-Pacific basin, to balance the upwelling. For this to be the case, the interface must219

be deeper in the Indo-Pacific than it is in the Atlantic. Jones and Cessi (2016) show compelling220

evidence from hydrography that mid-depth density surfaces are indeed shallower in the Atlantic221

than in the Pacific Ocean. The difference in depth is of the order of 100 m, giving a net geostrophic222

transport of O(10) Sv for interface depths in the range of 1000-2000 m and using the parameters223

given in Table 1. Thus |hP−hA| � hP ' hA, otherwise the geostrophic transport, and the diabatic224

upwelling in the Indo-Pacific, becomes unrealistically large. Under this approximation the budget225

for the Indo-Pacific basin in Eq. (8) reduces to,226

− ∆b
| fP|

hPδh+
κV AP

hP
' 0, (9)

where δh≡ hP−hA.227

The volume budget for the upper layer in the L-shaped region covering the Atlantic basin and228

the southern strip between the model’s South Africa and South America, is given by,229

τS

ρ0| fS|
Lx−κGM

hP

`
Lx +

∆b
| fP|

hPδh+
κV AS

hP
+

κV AA

hP
−TAconv ' 0, (10)

where AA is the area of the Atlantic basin and AS is the area of the southern strip. For analytical230

convenience we use the same interface depth hP in the denominator of all diapycnal mixing-driven231

transports, consistent with the assumption that variations in interface depth among the various232

regions are small compared to the mean interface depth.233
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Substituting the expression for the geostrophic transport from the Indo-Pacific basin budget (9)234

in the budget (10) for the L-shaped region, we find,235

τS

ρ0| fS|
Lx−κGM

hP

`
Lx +

κV Atot

hP
−TAconv ' 0, (11)

where Atot = AP +AA +AS is the total area enclosed by lateral continents. This scaling is a gen-236

eralization of the global buoyancy budget first presented by Munk (1966) in his seminal paper on237

abyssal recipes. Deep waters formed at high latitudes are transformed back into lighter waters238

by diapycnal mixing. There is however an important difference from Munk’s original argument.239

Only in the North Atlantic basin does convection always transform intermediate waters back to240

deep waters. In the channel winds bring deep waters to the surface to be transformed into lighter241

waters, while geostrophic eddies drive an opposite transformation. If the eddy transport dominates,242

then the channel creates deep waters like the North Atlantic basin and the transformation back to243

intermediate is achieved exclusively by diapycnal mixing in the basins, as in Munk’s view. If the244

Ekman transport is dominant, the channel acts together with diapycnal mixing to transform the245

deep waters formed in the North Atlantic basin back to intermediate waters. Despite the similarity246

to Munk’s view, one should not forget that in our model there is an important exchange of waters247

between basins given in Eq. (9) that is hidden in the global average.248

In the next three sections, we consider three distinguished limits of the circulations emerging249

from Eqs. (9) and (10). These limits will help to illustrate the key importance of inter-basin250

exchanges in achieving an adiabatic circulation in the Atlantic basin and a diabatic circulation in251

the Indo-Pacific basin. Furthermore we will show that the compensation between the Ekman and252

eddy driven circulations observed in the Southern Ocean (Marshall and Speer 2012) demands a253

strong geostrophic exchange of waters between the Atlantic and Indo-Pacific Oceans as described254

by Talley (2013) from hydrographic observations.255
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a. Adiabatic overturning: no diapycnal mixing limit256

In the limit of no diapycnal mixing (κv = 0), there can be no overturning in the Indo-Pacific257

basin. In turns this requires that there be no geostrophic transport entering into the Indo-Pacific258

basin and Eq. (10) reduces to,259

τS

ρ0| fS|
Lx−κGM

hA

`
Lx−TAconv ' 0, δh' 0, (12)

where we substituted hA for hP, since they are equal in this limit. The overturning is confined to260

the Atlantic basin and the channel. Waters sink through convection in the north, flow adiabatically261

to the channel, where they upwell and are converted back into intermediate waters through surface262

warming and precipitation. The flow in the upper layer is sketched in Fig. 3a; the flow in the263

lower layer is equal and opposite as dictated by mass conservation. This is the Gnanadesikan264

(1999) model in the limit of no diapycnal mixing. (The full Gnanadesikan model is recovered by265

retaining diapycnal mixing in the Atlantic basin only.)266

The distance ` between the northern edge of the channel and the latitude at which the interface267

comes to the surface is set through the surface boundary condition. For a restoring boundary268

condition (Haney 1971), ` is set by the atmospheric temperature profile, if temperature dominates269

the density field. This is typically the case for the interface that separates deep and intermediate270

waters. The only unknown parameter is therefore the interface depth which can be obtained from271

Eq. (12),272

hA ' hP '
τS`

ρ0| fS|κGM

(
1− TAconv

τSLx/ρ0| fS|

)
. (13)

The interface depth is the same in the two basins and it is positive definite, because the convective273

transport, TAconv, cannot be larger than the Ekman transport in the channel, τSLx/ρ0| fS|. In the274

absence of diapycnal mixing waters sinking into the lower layer in the North Atlantic basin can275

only be brought back to the upper layer by Ekman-driven upwelling in the channel. The strength276
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of the overturning is set by the prescribed convective transport TAconv. In the limit of strong con-277

vection, the interface is shallow and eddy transports, which are proportional to the interface depth,278

are small. In the limit of weak convection, the interface deepens and the overturning shuts off; in279

the channel this is achieved by a near perfect compensation between the Ekman and eddy-driven280

transports.281

This adiabatic limit shows that an overturning circulation can be generated even without any282

diapycnal mixing, but such a circulation is confined to the Atlantic basin while the Indo-Pacific283

basin is stagnant. This limit has been used to describe the adiabatic overturning in the Atlantic284

Ocean (e.g. Wolfe and Cessi 2011; Munday et al. 2011). However the analogy should not be285

carried too far, because, in reality, only a small fraction of the NADW formed though convection286

in the North Atlantic is transformed back into lighter intermediate water once it upwells in the287

Southern Ocean, as demanded by the model, while a larger fraction is transformed into even288

denser AABW and flows to the bottom of the Indo-Pacific and Atlantic Oceans (Schmitz 1995;289

Lumpkin and Speer 2007; Talley 2013).290

b. Diabatic overturning: limit of no convection in the Atlantic basin291

This is the limit of a purely diabatic circulation considered by Welander (1986), Johnson et al.292

(2007) and Nikurashin and Vallis (2011), i.e. a circulation where diapycnal mixing dominates in293

all basins. In this limit Eq. (10) reduces to,294

τS

ρ0| fS|
Lx−κGM

hP

`
Lx +

κV Atot

hP
' 0. (14)

The main difference with the model of Nikurashin and Vallis (2011) is that there is an inter-basin295

exchange given by Eq. (9). The circulation is sketched in Fig. 3b: deep waters are transformed into296
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intermediate waters through mixing in both basins, while the opposite transformation is achieved297

in the channel. Waters above the interface flow from the basins to the channel.298

If diapycnal mixing is weak, i.e. the diabatic overturning in the basins is much smaller than the299

overturning generated by winds in the channel, then there must be strong compensation between300

the Ekman and eddy driven circulations in the channel. The compensation requires that at leading301

order,302

hP '
τS`

ρ0| fS|κGM
, δh' 0. (15)

This depth is larger than in the adiabatic limit. Both the inter-basin exchange and the overturning303

are proportional to the weak diapycnal diffusivity κV and thus weak. While wind-eddy compen-304

sation is observed in the Southern Ocean (Marshall and Speer 2012), diapycnal mixing drives a305

strong diabatic upwelling at least in the Indo-Pacific basin (Lumpkin and Speer 2007). Thus this306

limit is not capturing the basic balance observed in the present-day Indian and Pacific Oceans.307

If diapycnal mixing is strong and drives an overturning larger than the wind-driven Ekman trans-308

port in the channel, then the eddy transport balances mixing,309

hP '

√
κV

κGM

`

LX
Atot , δh' | fS|

∆b
Lx

`

AP

Atot
κGM, (16)

and310

TG '−

√
κV κGM

Lx

`

A2
P

Atot
. (17)

These scalings give a sizable overturning driven by a combination of diabatic processes in the311

basins and eddies in the channel. Such a circulation is observed in the Indo-Pacific Ocean and in312

the deep Atlantic Ocean below the adiabatic overturning cell. This limit is therefore appropriate to313

describe the conversion of AABW to deep waters in the Atlantic and Indo-Pacific Ocean and the314

interface hP must be interpreted as the separation between abyssal and deep waters (rather than315

deep and intermediate waters.) Consistently this interface sits below 2000 m in the real ocean,316

16



where diapycnal mixing is indeed large. This solution is however incomplete as it fails to capture317

the adiabatic overturning observed in the Atlantic Ocean, as pointed out in Nikurashin and Vallis318

(2012).319

Fig. 3b shows that the upper layer waters leave the Indo-Pacific basin along a western boundary320

current and flow westward into the Atlantic basin. This is the warm route pathway, described by321

Rintoul (1991) and Gordon et al. (1992), which arises if the tip of “South Africa” lies in the latitude322

band of the subtropical gyres. At these latitudes the wind-driven circulation in the upper layer is323

anticyclonic and the waters flowing westward in the Indo-Pacific basin turn southward along the324

western boundary of the basin and then westward across the southern entrance of the Atlantic325

basin. This is best illustrated in Fig. 4c, which shows the barotropic streamfunction from a three326

dimensional model configured with the same two-basin geometry used for the theoretical model327

and forced with realistic wind patterns (see Sec. 4.) This is the configuration we will consider in328

the rest of the paper. However, should the tip of “South Africa” be moved further south to lie in329

the latitude band of the subpolar gyre, then the upper layer flow would reverse and go from the330

Atlantic to the Indo-Pacific following the cold route (Rintoul 1991; Gordon et al. 1992). From the331

perspective of the overturning circulation pattern, it makes little difference which route the waters332

take, but it has important implications for the exchange of salinity between the two basins (Cessi333

and Jones, personal communication.)334

c. Inter-basin overturning: limit of compensated Ekman and eddy transports335

A third circulation can arise with the two basin model in the limit where Ekman and eddy336

transports in the channel balance. The two terms are almost an order of magnitude larger than all337

other terms in Eq. (11) and a first order compensation therefore is expected (Marshall and Speer338

2012). But it is useful to consider the circulation that arises in the limit when the Ekman and eddy339
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transports perfectly balance, the so-called compensation limit. In this limit Eq. (9) and Eq. (10)340

reduce to,341

− ∆b
| fP|

hPδh+
κV AP

hP
' 0,

∆b
| fP|

hPδh+
κV (AA +AS)

hP
−TAconv ' 0. (18)

The first equation states that the diabatic upwelling of deep Indo-Pacific waters feeds a geostrophic342

transport of intermediate waters from the Indo-Pacific to the Atlantic basin in the upper layer. The343

second equation shows that diabatic upwelling of deep waters in the southern strip and the Atlantic344

basin further increase the volume of upper layer intermediate waters that eventually sink through345

convection in the north. Summing the two equations, one gets a balance between deep waters346

formed through convection in the North Atlantic and diapycnal mixing-driven upwelling. This347

limit is reminiscent of Munk’s argument (1966), except for the lack of deep water formation in348

the channel under the compensation assumption. In the absence of sinking of dense waters in349

the channel, the lower layer is filled with the model’s equivalent of NADW, while there is no350

equivalent of AABW.351

Compensation between Ekman and eddy transports requires that,352

τS

ρ0| fS|
Lx−κGM

hP

`
Lx ' 0. (19)

This constraint is equivalent to a zero air-sea flux boundary condition over the channel: a non-353

zero surface flux would require a net transport across the interface representing the water density354

change in response to the flux. This limit is achieved by choosing the appropriate ` that satisfies355

Eq. (19).356

This overturning circulation is depicted in Fig. 3c. Water sinks into the lower layer in the North357

Atlantic basin. The deep water then flows directly into the Indo-Pacific basin, through the southern358

strip between the model’s South Africa and the channel, where it is transformed back into inter-359

mediate waters through mixing. There is no overturning circulation in the channel, because the360
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Ekman and eddy transports cancel each other. This limit captures the observed asymmetry in over-361

turning circulation in the Atlantic and Indo-Pacific Oceans. The Atlantic overturning circulation362

converts light waters into dense in the north and it is mostly adiabatic elsewhere, except for some363

mixing-driven upwelling. The Indo-Pacific circulation flows in the opposite direction converting364

deep waters into lighter waters. The conversion is driven by mixing in the basin interior and it is365

purely diabatic. The model suggests that this asymmetry is connected to the exchange of waters366

between the two basins.367

Talley (2013) infers from hydrographic observations that most of the NADW formed in the North368

Atlantic flows adiabatically to the Southern Ocean, where it is transformed into AABW, flows to369

the Pacific Ocean, where it upwells through diapycnal mixing. The inter-basin overturning limit370

captures Talley’s observation that deep waters formed in the North Atlantic end up in the Pacific,371

rather than being returned back to the Atlantic as intermediate waters (the pathway assumed in372

zonally averaged models and implied by the adiabatic limit.) However this limit is an oversim-373

plification of the true water mass transformations. By assuming a perfect compensation between374

Ekman and eddy transports, waters do not upwell in the Southern Ocean and there is not transfor-375

mation of deep Atlantic Waters into abyssal Indo-Pacific waters. This is not the case in the real376

ocean. The conversion of NADW into AABW and of Indian and Pacific Deep Waters into inter-377

mediate waters occurs as waters come to the surface in the Southern Ocean. It is because of these378

transformations that the Atlantic overturning is dominated by conversion of intermediate to deep379

water (NADW), while the Indo-Pacific one consists of abyssal water (AABW) converted into deep380

waters (Indian and Pacific Deep Waters.) Thompson et al. (2016) derive a multiple layer model to381

capture all these conversions, but at the cost of much added complexity. Here we prefer to use the382

insights of the simpler two layer model and show how its predictions are useful in interpreting the383

overturning in more complex three-dimensional models with full ocean physics. We return to this384
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point in the conclusions, where we show how the three limit circulations can be used together to385

interpret the observed ocean overturning circulation.386

The inter-basin overturning limit has not been discussed in previous literature and it is therefore387

useful to investigate its predictions in more detail. In particular it is useful to derive the scalings388

that emerge if one substitutes in Eqs. (18) the expression for the North Atlantic convection in389

Eq. (7). With this substitution, one obtains expressions for the interface depth and circulation390

strength that depend only on external parameters and can be tested with the simulations presented391

in the next section. Realizing that h2
A ' h2

P−2hPδh, under the assumption δh� hP, one finds that392

the interface depth in the two basins scales as,393

hP '
(

Atot

AP
+2
| fP|
| fN |

)(
| fN |
∆b

)1/3

(APκV )
1/3 , δh' | fP|

| fN |

(
Atot

AP
+2
| fP|
| fN |

)−1

hP. (20)

The κ
1/3
V scaling for the depth of the interface is the same as that obtained by Gnanadesikan (1999)394

for a single basin in the limit of strong convection and diapycnal mixing. But our circulation is395

different, because it involves a strong inter-basin circulation,396

TG '−
(

Atot

AP
+2
| fP|
| fN |

)−1/3( | fN |
∆b

)−1/3

(APκV )
2/3 . (21)

The similarity in scaling arises because the Gnanadesikan model assumes that convection scales397

with h2
A, the same quadratic dependence of the geostrophic transport on the interface depth. The398

implied circulation and the dependence on the other parameters are however quite different.399

4. Numerical model400

The theoretical model of the overturning we have presented in the previous two sections is very401

crude and one may question its relevance to interpret the global ocean overturning circulation. To402

address this point we run a full three dimensional ocean circulation model to illustrate how the403
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different limits identified with the theoretical model arise in a more complex, and arguably more404

realistic, model.405

The MITgcm ocean model (Marshall et al. 1997) is configured in the same idealized geometry406

assumed in the theoretical study. The domain consists of a spherical sector 210◦ wide spanning407

the 70◦S–70◦N latitude range. The ocean is 4000 m deep everywhere. A zonally re-entrant chan-408

nel occupies the area south of 46◦S, north of which are two rectangular basins. The basins are409

separated by two vertical sidewalls, one extending from 46◦S to 70◦N (representing the merid-410

ional extent of South America) and one extending from 30◦S to 70◦N (representing the meridional411

extent of South Africa). The narrower Atlantic-like basin is 60◦ wide and the wider Indo-Pacific-412

like basin is 150◦ wide. In order to create a buoyancy forcing asymmetry between the model’s413

Atlantic and Indo-Pacific basins, a landmass is added between 54◦N and 70◦N in the North Indo-414

Pacific basin. The areas of the two basins correspond approximately to those of the Atlantic and415

Indo-Pacific Oceans.416

The model uses a 2◦ horizontal grid. There are 40 vertical levels of thickness increasing from417

37 m at the surface to 159 m at the bottom. The equation of state is linear and depends only on tem-418

perature, ρ = ρ0(1−αθ θ), with a constant thermal expansion coefficient αθ = 2.0× 10−4 K−1.419

Hence temperature is linearly related to density and can be used in place of density to describe the420

simulations. Baroclinic eddies are parameterized with the Gent and McWilliams (1990) closure421

scheme and a constant eddy diffusivity of κGM = 1000 m2s−1. Advection of temperature is by a422

second-order moment superbee flux limiter scheme (Roe 1985). Ocean convection is parameter-423

ized with convective adjustment, implemented as an enhanced vertical diffusivity of temperature.424

Our reference setup is designed to depict the main features of the present-day ocean meridional425

overturning circulation and is shown in Fig. 4. Latitudinal profiles of zonal wind stress forcing426

and surface temperature restoring, broadly inspired by observed fields, are shown in Figs. 4a and427
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4b respectively. The wind stress is symmetric about the equator in the tropics and subtropics, but428

it is somewhat larger in the high latitude southern hemisphere than in the high latitude northern429

hemisphere, like in the present-day climate. The wind stress goes to zero at the latitude of the430

model’s South Africa as assumed in the theoretical model, but the results below do not change431

appreciably if we moved the zero wind latitude ten degrees to the south. The surface temperature432

is restored to a profile symmetric about the equator on a timescale of 30 days over the topmost433

grid cell of 37 m. The model geometry and barotropic streamfunction for the reference setup434

are shown in Fig. 4c. In order to avoid an unrealistically large circumpolar barotropic transport,435

a 1500 m high Gaussian ridge is added between the tip of the model’s South America and the436

southern edge of the channel. The shape of the ridge follows an idealized Scotia Arc chosen437

to spread the topographic form drag over a larger area than a single grid point and generate a438

smoother standing meander of the circumpolar current. In the reference setup, a constant diapycnal439

diffusivity κv = 6× 10−5 m2 s−1 is used. Model diagnostics are computed over 500 years, after440

the model has reached statistical equilibrium.441

5. Numerical results442

We consider four model configurations. The first three configurations are meant to represent the443

three limits discussed in Sec. 3. The last reference configuration is meant to represent a present-444

day-like circulation.445

a. Adiabatic overturning simulation: weak diapycnal mixing limit446

First we consider a simulation in which the diapycnal diffusivity is set to a constant value κv =447

1× 10−5m2s−1. Starting with Munk (1966), this value has been shown to be too weak to drive448
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a substantial diabatic circulation. According to the scalings in Sec. 3, this simulation should be449

characterized by an adiabatic overturning circulation confined to the Atlantic basin.450

The model meridional overturning circulation (MOC) is diagnosed from the simulations as the451

total mass transport within a temperature (density) layer,452

ψres(y,θ) =−
1
T

∫ T

0

∫ Lx

0

∫ −h(x,y,θ ,t)

−H
vres(x,y,z, t) dz dx dt, (22)

where h(x,y,θ , t) is the depth of the isotherm θ as a function of space and time, H is the total453

ocean depth, Lx is the zonal extent over which the average is taken, T =500 yr is the period of the454

time average. The total residual flow, vres, is given by the sum of the model velocity, v, and the455

eddy-induced velocity, vGM, parameterized with the Gent and McWilliams (1990) scheme. The456

function ψres(y,θ) is the most appropriate definition of the MOC as it represents the full transport457

by mean and eddy flows (Nurser and Lee 2004; Ferrari and Ferreira 2011).458

In Fig. 5, the MOC streamfunction is plotted as a function of the zonal and temporal mean depth459

of each isotherm zθ (y,θ) =− 1
T Lx

∫ T
0
∫ Lx

0 h(x,y,θ , t) dx dt. Zonal averages are computed for three460

different sectors of the model: (left) full domain, (middle) narrow Atlantic basin and (right) wide461

Indo-Pacific basin.462

The global and basin MOCs for the simulation with weak mixing are shown in the upper row of463

Fig. 5. The MOCs are very consistent with the “adiabatic limit” described in Sec. 3a. Below the464

wind-driven gyres that occupy the upper 500 m, the MOC is confined to the narrow Atlantic basin,465

where surface cooling drives convection and sinking of waters down to 2000 m at its northern466

edge. These deep waters flow adiabatically, at constant temperature, between 1000 and 2000 m,467

across the equator all the way to the channel, where Ekman-driven upwelling brings them back468

to the surface. The MOC in the wide Indo-Pacific-like basin is vanishingly small. This is the469

23



circulation described by Gnanadesikan (1999) and Wolfe and Cessi (2011), and it captures the470

adiabatic nature of the observed Atlantic Ocean MOC.471

b. Diabatic overturning simulation: no convection in the Atlantic-like basin472

The second row of Fig. 5 shows results for a simulation with no convection in the north of473

the narrow Atlantic basin and with moderate mixing. Convection is suppressed by imposing a474

no-flux surface condition north of 40◦N in the Atlantic basin. The diapycnal diffusivity is set to475

κv = 6×10−5m2s−1, six times larger than in the “adiabatic simulation”. This setup should drive476

a circulation consistent with the diabatic limit described in Sec. 3b. In both basins the MOC is477

characterized by diabatic counter-clockwise abyssal cells. These cells are much deeper that in the478

adiabatic limit, consistent with the prediction of a deeper interface as per Sec 3b. The cells come479

to the surface in the channel, where waters are exposed to strong buoyancy loss, sink back to the480

ocean the bottom, fill basins and rise diabatically crossing density surfaces thereby closing the481

overturning loop. The adiabatic clockwise mid-depth cell in the Atlantic basin is absent in this482

simulation. This limit is investigated in Johnson et al. (2007) and Nikurashin and Vallis (2011),483

and describes the basic features of the Indo-Pacific MOC, but not of the Atlantic one.484

c. Inter-basin overturning simulation: limit of compensated Ekman and eddy transports in the485

channel486

The third row of Fig. 5 shows results for a simulation where Ekman and eddy transports cancel487

each other in the southern channel to capture the limit discussed in Sec. 3c. Ekman-eddy compen-488

sation is achieved by setting the surface buoyancy flux to zero south of 36◦S. As a result, the MOC489

vanishes in the latitude band of the re-entrant channel.490
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In the narrow Atlantic basin, deep waters formed through convection in the north flow adiabati-491

cally toward the channel in the 2000-4000 m depth range. Once they reach the southern strip, the492

deep waters flow adiabatically from the bottom of the Atlantic basin to the bottom of the Indo-493

Pacific basin, where they upwell diabatically across density surfaces and return south toward the494

channel. The circulation is then closed by an adiabatic inter-basin return flow in the upper 2000 m495

from the Indo-Pacific to the Atlantic basin, the opposite direction of the deep inter-basin flow. Con-496

sistent with the prediction of the theoretical model, Fig. 6a shows that isopycnals on the eastern497

boundary of the Atlantic basin are shallower than those on the eastern boundary of the Indo-Pacific498

basin. The ratio between the two depths, δh/hP, is close to 0.2 as predicted by the scaling law499

Eq. (20) for the geometrical parameters used in the simulation. This supports the claim that the500

flow into the Indo-Pacific basin at depth and out of the basin further up is geostrophic. Jones501

and Cessi (2016) reached the same conclusion from analysis of the neutral density surfaces in the502

Atlantic and Pacific Oceans.503

Figures 6b and 6c further show that the transport into (out of) the narrow Atlantic basin is almost504

perfectly compensated by the transport out of (into) the wide Indo-Pacific basin. Thus the picture505

described in Sec. 3c of an inter-basin-exchange driven by a geostrophic flow at the southern end506

of the basins is supported by the numerical simulation.507

The theory predicts that in the inter-basin overturning limit, the MOC is composed of a single508

overturning loop spanning both basins. The strength of the zonally-averaged flow coming out of509

the Indo-Pacific basin is predicted to be be equal to that entering the Atlantic and to scale with510

the diapycnal diffusivity according to Eq. (21). We run a series of simulations for different values511

of κV , and the same zero flux condition south of 36◦S. The upper left panel of Fig. 7 shows the512

maximum of the MOC at the latitude of the model’s South Africa, a reasonable proxy of the513

geostrophic transport TG. The flow coming in and out of the two basins is very similar, confirming514
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that waters are exchanged between the two basins rather than with the channel. Furthermore the515

transport does indeed increase approximately as κ
2/3
v (black line) as predicted by Eq. (21).516

The upper right panel of Fig. 7 shows the depth of the isopycnal separating intermediate and517

deep waters in both basins as a function of κV . The isopycnal is chosen by first identifying the518

temperature at which the MOC peaks in each basin at the latitude of the model’s South Africa, i.e.519

the isotherm that separates waters flowing in and out of the basins (see Fig. 6c). The isopycnal520

depth is then defined as the depth of this isotherm along the eastern boundary of each basin. In521

practice the depth is computed over a 10 degree longitude band along the eastern boundary and a522

60 degree latitude band centered on the equator, but the results are not very sensitive to this choice,523

because the isopycnal depth is pretty constant along the eastern boundary. The isopycnal depth so524

defined increases as κ
1/3
v as predicted in Eq. (20). For all values of κV , the isopycnal is deeper525

in the Indo-Pacific than in the Atlantic basin, consistent with the direction of the geostrophic526

transport.527

To further test the scaling laws Eqs. (21) and (20), we run additional simulations with κV =528

6×10−5 m2s−1 and a progressively larger area of the Indo-Pacific basin, AP. The lower panels of529

Fig. 7 show that both the geostrophic transport and the isopycnal depth scale with AP consistent530

with the theoretical model scalings.531

Finally it is worth remarking that the strength and vertical structure of the overturning circulation532

is also sensitive to the vertical profile of the diapycnal diffusivity. We only presented simulations533

run with a constant diapycnal diffusivity of 6× 10−5 m2 s−1 resulting in a vigorous overturning534

peaking between 1000-2000 m in both basins. We run additional simulations with a bottom en-535

hanced diapycnal diffusivity: the diffusivity was set to 3× 10−4 m2 s−1 at the ocean bottom and536

decayed to 3×10−5 m2 s−1 at the surface with an e-folding scale of 1 km, consistent with available537

estimates (Nikurashin and Ferrari 2013). In these simulations the overturning became somewhat538
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weaker and more bottom trapped (not shown.) The northward flow in the Indo-Pacific basin was539

confined below 3000 m and the return flow was spread uniformly between 3000 m and the base of540

the wind-driven thermoclines. Despite these differences, which are consistent with observational541

estimates of the ocean overturning (Lumpkin and Speer 2007), the simulations are qualitatively542

consistent with those with constant diffusivity.543

d. Present-day-like overturning simulation544

The relevance of the three overturning scaling regimes for the present-day ocean is now assessed545

with a simulation forced by somewhat realistic air-sea heat and momentum fluxes. This “reference546

simulation” was introduced in Sec. 4 and uses restoring to a symmetric temperature profile in both547

hemispheres and κV = 6×10−5 m2s−1. The global MOC for this solution is shown in the bottom548

row of Fig. 5 and is qualitatively similar to the one calculated by Lumpkin and Speer (2007) from549

observations. Below shallow wind-driven gyres, the zonally-averaged circulation is dominated550

by two counter-rotating cells of similar magnitude stacked on top of each other. A mid-depth551

adiabatic cell is confined to the narrow Atlantic basin, whereas a diabatic abyssal cell spans both552

basins.553

Two distinct MOC maxima can be seen in the bottom right panel of Fig. 5, which plots the554

Indo-Pacific MOC, one near the bottom around 3750 m, the other around 1500 m. Two maxima555

can also be seen in the estimate of Lumpkin and Speer (2007), but they are not as well separated as556

in the simulation. The mid-depth adiabatic circulation in the Atlantic basin feeds the upper over-557

turning circulation in the Indo-Pacific basin resulting in an inter-basin circulation. This circulation558

represents a conversion from deep to intermediate waters. The deeper Indo-Pacific overturning559

cell, which extends to the Atlantic basin as well, represents the conversion of abyssal to deep wa-560

ters through mixing. This circulation is decoupled from the mid-depth inter-basin overturning and561

27



satisfies the diabatic limit described in Sec. 3b. Thus in the Indo-Pacific basin the conversion of562

deep to intermediate waters satisfies the inter-basin circulation, while the conversion from abyssal563

to deep waters follows the diabatic limit.564

In the ocean, the mid-depth and abyssal overturning circulations largely overlap as evidenced565

by the lack of two very distinct maxima in the Indo-Pacific MOC (Lumpkin and Speer 2007). The566

overlap can be reproduced in our model by decreasing the density contrast between the North At-567

lantic basin and the channel in the southern hemisphere, a shortcut to capture the observation that568

high salinities make the North Atlantic waters denser than temperature alone can. If the restoring569

temperature in the north of the Atlantic basin is reduced, convection penetrates to deeper den-570

sity classes and the two MOC maxima in the Indo-Pacific overlap and become indistinguishable571

as illustrated in Fig. 8. This is the figure eight loop overturning circulation that best describes572

the present day ocean circulation according to Talley (2013). NADW flows adiabatically to the573

Southern Ocean, where it is transformed into AABW, enters the Indian and Pacific Oceans to be574

transformed into Indian and Pacific Deep Waters by mixing, returns to the Southern Ocean to be575

transformed into intermediate waters that flow to the North Atlantic and close the loop. Here we576

have shown that such a circulation can be thought of as the combination of an adiabatic circu-577

lation in the Atlantic Ocean, that converts intermediate to deep waters through convection in the578

north, a diabatic circulation in the Indo-Pacific Ocean that converts abyssal to deep waters through579

deep mixing, and an inter-basin circulation which exchanges waters geostrophically between the580

adiabatic and diabatic basins.581

6. Conclusions582

The main contribution of this work has been to connect idealized theories of the ocean overturn-583

ing circulation to the intricate pathways of water masses generated by three-dimensional numerical584
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models configured to capture the basic features of the ocean overturning circulation. In order to585

close the gap between idealized theories and numerical models, we considered a model with two586

density layers and two closed basins connected through a re-entrant channel. The addition of a sec-587

ond basin was key to capture the different overturning circulations in the Atlantic and Indo-Pacific588

Oceans and it represents the main extension of previous theories (see also Jones and Cessi 2016;589

Thompson et al. 2016). The schematics in Fig. 9a through 9c illustrate the three limit circulations590

that are captured by such a model and were discussed in Sec. 3. Each panel shows on the left the591

zonally averaged circulation in the narrow Atlantic-like basin, on the right the zonally averaged592

circulation in the wide Indo-Pacific-like basin and in the center the connection between those two593

circulations through a channel representing the Southern Ocean.594

Fig. 9a shows the purely adiabatic circulation that develops in the absence of any diapycnal mix-595

ing. Such a circulation is confined to the narrow Atlantic-like basin, where convection in the north596

converts light to dense waters and the opposite transformation occurs once waters are brought up597

to the surface by winds blowing over the channel. Lacking any mixing, no circulation develops in598

the Indo-Pacific-like basin. This is the adiabatic circulation argued to describe the upper overturn-599

ing circulation cell in the Atlantic Ocean (Toggweiler and Samuels 1998; Gnanadesikan 1999).600

Fig. 9b sketches the purely diabatic circulation that develops in the absence of convection in the601

North Atlantic-like basin. In this limit waters are converted from light to dense at the surface in602

the channel and back to light ones through mixing in the basins. This limit has been used to de-603

scribe the lower overturning cells in the Atlantic and Indo-Pacific Oceans (Nikurashin and Vallis604

2011). Fig. 9c shows the new circulation pattern that can arise in a two-basin model in the absence605

of any water mass transformations at the surface in the channel–this is the often considered limit606

where Ekman and eddy transports perfectly balance in the Southern Ocean. Dense water formed607

though convection in the North Atlantic-like basin flows adiabatically into the Indo-Pacific-like608

29



basin, where it is transformed back into lighter water through diabatic mixing, and then flows back609

to the Atlantic-like basin.610

The ocean overturning circulation can be understood as a superposition of these three limit circu-611

lations as sketched in Fig. 9d. A minimal description of ocean water masses below the wind-driven612

thermoclines requires three density layers representing abyssal waters (Antarctic Bottom Water),613

deep waters (North Atlantic, Indian and Pacific Deep Waters) and intermediate waters respec-614

tively. The dominant overturning circulation in the Atlantic Ocean is associated with conversion615

of intermediate to deep waters through convection in the north. The deep waters flow adiabati-616

cally to the Southern Ocean, upwell around Antarctica in the Weddell and Ross Seas where they617

are converted into abyssal waters–only a small fraction of the deep waters is converted back into618

intermediate waters (Schmitz 1995; Lumpkin and Speer 2007; Talley 2013). The abyssal waters619

flow geostrophically along the seafloor in the Indian and Pacific Oceans, are transformed back into620

deep waters through mixing in the closed basins before returning to the Southern Ocean. There621

they upwell at the surface and are primarily converted into intermediate waters which flow to the622

North Atlantic closing the overturning loop, even though some fraction is converted back into623

abyssal waters. The overturning in the Atlantic Ocean is thus consistent with the adiabatic limit624

in Fig. 9a. This circulation is shallow and there is little mixing across the interface between deep625

and intermediate waters–mixing is strong only below 2000 m, the height of most ocean ridges626

and rises which radiate the lee and tidal waves supporting the mixing. The overturning in the627

Indian and Pacific Oceans is instead consistent with the diabatic limit; the interface between deep628

and abyssal waters sits deeper than 2000 m, where mixing is strong. The two circulations are629

connected geostrophically through the Southern Ocean as in the inter-basin limit. Unlike in the630

inter-basin limit, however, surface fluxes in the Southern Ocean transform deep to abyssal waters631

around Antarctica and deep to intermediate waters north of the Antarctic Circumpolar Current. (In632
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the schematic the lower diabatic cell is entirely in the Indo-Pacific Ocean for simplicity. In the real633

ocean, the lower cell is found both in the Atlantic and Indo-Pacific, but it is much stronger in the634

latter.)635

Talley (2013) infers that the bulk of North Atlantic Deep Water upwelling in in the Southern636

Ocean is transformed into even denser Antarctic Bottom Water, rather than lighter intermediate637

waters. Fig. 9d shows that in order for this to occur, the transformation rate of intermediate to638

deep waters through convection in the North Atlantic must be approximately equal to the transfor-639

mation rate of deep to abyssal waters around Antarctica and to the transformation rate of abyssal640

to deep water through mixing in the Indo-Pacific (primarily) and Atlantic (in smaller part). The641

evidence that the amount of deep water sinking in the North Atlantic exceeds that of Antarctic642

Bottom Water sinking around Antarctica (Lumpkin and Speer 2007) further implies that the rate643

of North Atlantic sinking must slightly exceed the rate of abyssal water formation in the Southern644

Ocean. The two basin model nicely captures these inter-basin connections between convection645

in the North Atlantic and mixing in the Indo-Pacific, in addition to the more widely recognized646

inter-hemispheric connection between the surface buoyancy fluxes over the North Atlantic and the647

Southern Ocean, which are the main focus of zonally averaged models.648

The inter-basin circulation limit has not received much attention in theoretical models of the649

overturning circulation, which have largely focused on single-basin geometries, but it dominated650

early depictions of the overturning. The iconic cartoons drawn by Gordon (1986) and Broecker651

(1987) emphasized the flow of deep waters from the Atlantic to the Indo-Pacific Ocean and the652

return flow of intermediate waters at shallower depths. Like in the inter-basin circulation limit, the653

cartoons did not put much emphasis on the important water mass conversions around Antarctica,654

which have instead been the focus of single-basin and zonally-averaged models (Marshall and655
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Speer 2012). A full description of the circulation requires a superposition of all three idealized656

limits in Fig. 9.657

An interesting implication of our work is that there is a strong connection between the degree of658

compensation between Ekman and eddy driven circulations in the Southern Ocean and the differ-659

ences in water mass properties in the Atlantic and Indo-Pacific Oceans. With full compensation,660

deep and intermediate waters flow from one basin to the other without any modification. Only661

two water masses would fill each basin: a deep one and an intermediate one. The weaker the662

compensation, the larger the density differences between abyssal, deep and intermediate waters.663

Given that the strength of winds, heat and salt fluxes around Antarctica have likely changed in664

different climates, this implies that the differences in water mass properties between the Atlantic665

and Indo-Pacific Oceans must have changed in response.666

Thompson et al. (2016) has recently developed a multi-layer, two-basins model of the overturn-667

ing circulation to represent the conversions of water masses in the Southern Ocean. While more668

complete, the model is also more complex than the one considered here and was not amenable to669

analytical progress and had to be integrated numerically. Our approach has been to retain sim-670

plicity and illustrate the three circulations that combined create the observed three dimensional671

overturning. We believe that the combination of these different approaches is contributing to a672

better understanding of the ocean overturning circulation.673

Last, but not least, the choice to represent the effect of diapycnal mixing as driving an upward674

mass transport across density surfaces is very incomplete. In Ferrari et al. (2016) we have shown675

that mixing drives both downwelling of waters in the ocean interior and upwelling along the bound-676

aries. The description used in this manuscript holds in a zonally averaged sense for each basin, but677

at the expense of missing potentially important exchanges of waters between the ocean interior and678

the boundaries. The representation of isopycnal mixing generated by instabilities of large-scale679
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flows also deserves further attention. Here we represented these eddy transports with the Gent and680

McWilliams (1990) parameterization, which captures only some of the gross properties of ocean681

instabilities. We plan to explore the implications of these physics in future work.682
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TABLE 1: Representative values of the parameters used in the theoretical model

Variable Value Units

τ 0.16 N m−2

κGM 1000 m2 s−1

κV 10−4 m2 s−1

ρ0 1000 kg m−3

∆b 0.02 m s−2

AP 2.1 × 1014 m2

AA 1.1 × 1014 m2

AS 0.7 × 1014 m2

fP (30S) -7.3 × 10−5 s−1

fS (46S) -1.1 × 10−4 s−1

fN (65N) 1.3 × 10−4 s−1

Lx (180 degrees) 104 km

` (74S-55S) 2000 km
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FIG. 1: Schematic of the present-day overturning circulation in a two dimensional plane adapted
from Talley (2013) and Ferrari et al. (2014). The ribbons represent the pathways of the major
water masses in a depth-latitude plane; blue is Antarctic Bottom Water, green is North Atlantic
Deep Water, red are Indian and Pacific Deep Waters, and orange are Antarctic Intermediate Waters.
The dashed vertical lines represents diapycnal mixing-driven upwelling of AABW into NADW
and IDW/PDW respectively. The dashed black line represents the isopycnal that separates deep
and intermediate waters. The ragged gray line is the crest of the main bathymetric features of the
Pacific and Indian ocean basins: diapycnal mixing is enhanced below this line. The fact that the
ribbons overlap is indication of the fact that the flow cannot be described by a streamfunction in a
two dimensional plane; there are important inter-basin exchanges.
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FIG. 2: Model configuration. Two ocean basins separated by two strips of land, extending to
latitudes φP and φS, are connected to a re-entrant channel to the south. The model consists of two
layers separated by an isopycnal (blue surface). The interface depth is nearly uniform in the basins,
except along the narrow western boundary currents, while it comes to the surface in the channel.
The interface depth along the eastern boundary of the narrow Atlantic basin, hA, is shallower
than along the eastern boundary of the wide Indo-Pacific basin, hP. This difference drives an
adiabatic (i.e. not crossing the interface) geostrophic flow, TG, out of the Indo-Pacific basin above
the interface and in the reverse direction below the interface. Five processes drive flows across
the interface: mixing drives upwelling in the basins (TAmix in the Atlantic basin and TPmix in the
Indo-Pacific basin), convection drives downwelling in the North Atlantic basin (TAconv), winds and
eddies drives diabatic horizontal flows at the surface across the circumpolar current in the channel
(TEk and Teddies respectively.)
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FIG. 3: Schematic representation of the upper layer adiabatic flows (red arrow) and the diabatic
flows across the interface (blue arrows) implied by the theoretical model setup shown in Fig. 2
for the three limits identified in Sec. 3. The adiabatic flows in the lower layer is equal and oppo-
site to that in the upper layer as dictated by mass conservation in each basin. (a) The adiabatic
overturning circulation in the limit of no mixing is confined to the Atlantic basin. (b) The diabatic
overturning circulation in the limit of no convection in the North Atlantic basin. (c) The inter-basin
overturning circulation in the limit of no overturning in the southern channel due to a cancellation
between Ekman and eddy flows, the so called compensation limit. The adiabatic exchange of wa-
ters between the two basins requires a geostrophic flow that can be captured only with a two basin
model of the overturning.
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FIG. 4: Model configuration for the reference experiment: (left panel) latitudinal profile of surface
wind stress, (center panel) latitudinal profile of the restoring temperature, (right panel) model
geometry and the barotropic streamfunction for the reference present-day-like experiment. The
streamlines are shown at intervals of 10 Sv.
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FIG. 5: Zonally averaged overturning streamfunction mapped as a function of depth, as explained
in Sec. 5, for numerical simulations representative of the four overturning circulation limits (rows).
Each column shows the MOC averaged over different sectors of the model: (left) global average,
(middle) average over the narrow Atlantic basin and (right) average over the wide Indo-Pacific-
like basin. Each streamline corresponds to 2 Sv. Black solid lines are isotherms in ◦C. Black
shaded areas represent land masses and gray shading areas represent latitude bands where the
basins merge and only a global streamfunction can be computed.
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FIG. 6: Results from a simulation in the “inter-basin overturning ” limit, with perfect compen-
sation of Ekman and eddy transports in the channel. (a) Isotherms (isopycnals) along the eastern
boundaries of the narrow Atlantic basin (blue lines) and the wide Indo-Pacific basin (red lines).
The continuous lines show the isotherms corresponding to the maximum in the MOC (see right
panel), while the dashed lines show isotherms 1 degree colder and warmer. (b and c) The MOC
computed with Eq. (22) at the south of the basin, the latitude of the model’s South Africa, as a
function of depth in the left panel and of temperature in the right panel. The transports are shown
for zonal averages taken over different sectors: (black) global, (blue) narrow Atlantic basin and
(red) wide Indo-Pacific basin. The stratification in the lower 2000 m is small, and thus the lower
part of the circulation is confined to within a very narrow range of temperatures.
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FIG. 7: (Upper left panel) Geostrophic transport in and out of both basins, estimated as the maxi-
mum of the MOC at the latitude of the model’s South Africa, for different values of diapycnal dif-
fusivity. (Upper right panel) The depth of the density surface separating deep and intermediate wa-
ters, defined as the temperature class at which the MOC peaks, along the eastern boundary of each
basin. (Lower left panel) The geostrophic transport increases with the area of the wide Indo-Pacific
basin as predicted by the scaling in Eq. (1). (Lower right panel) The depth of the density surface
separating deep and intermediate waters scales with the area of the wide Indo-Pacific basin con-
sistent with Eq. (20). The scalings are represented as black lines and α ≡ (Atot/AP +2| fP|/| fN |).
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FIG. 8: Zonally averaged streamfunctions as a function of depth computed as described in Sec. 5
for numerical simulations that are restored to different temperatures in the North Atlantic basin.
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FIG. 9: Schematics of the global overturning circulation (blue loops) for the three limits described
in Sec. 3 and for the present-day ocean. For each panel the left side represents the overturning in
the narrow Atlantic-like basin, the right side represents the overturning in the wide Indo-Pacific-
like basin, and the center portion depicts the Southern Ocean-like channel. The arrows represent
the transformation of waters by air-sea buoyancy fluxes at the surface and mixing in the interior;
red (blue) arrows are for transformation into lighter (denser) waters.
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